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Abstract: 12 

Pull-apart basins are narrow zones of crustal extension bounded by strike-slip faults that can 13 

serve as analogs to the early stages of crustal rifting. We use seismic tomography, 2-D ray 14 

tracing, gravity modeling, and subsidence analysis to study crustal extension of the Dead Sea 15 

basin (DSB), a large and long-lived pull-apart basin along the Dead Sea transform (DST). The 16 

basin gradually shallows southward for 50 km from the only significant transverse normal fault. 17 

Stratigraphic relationships there indicate basin elongation with time. The basin is deepest (8-8.5 18 

km) and widest (~15 km) under the Lisan about 40 km north of the transverse fault. Farther 19 

north, basin depth is ambiguous, but is 3 km deep immediately north of the lake. The underlying 20 

pre-basin sedimentary layer thickens gradually from 2-3 km under the southern edge of the DSB 21 

to 3-4 km under the northern end of the lake and 5-6 km farther north. Crystalline basement is 22 

~11 km deep under the deepest part of the basin. The upper crust under the basin has lower P 23 

wave velocity than in the surrounding regions, which is interpreted to reflect elevated pore fluids 24 

there. Within data resolution, the lower crust below ~18 km and the Moho are not affected by 25 

basin development. The subsidence rate was several hundreds of m/m.y. since the development 26 

of the DST ~17 Ma, similar to other basins along the DST, but subsidence rate has accelerated 27 

by an order of magnitude during the Pleistocene, which allowed the accumulation of 4 km of 28 

sediment. We propose that the rapid subsidence and perhaps elongation of the DSB are due to 29 

the development of inter-connected mid-crustal ductile shear zones caused by alteration of 30 
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feldspar to muscovite in the presence of pore fluids. This alteration resulted in a significant 31 

strength decrease and viscous creep. We propose a similar cause to the enigmatic rapid 32 

subsidence of the North Sea at the onset the North Atlantic mantle plume. Thus, we propose that 33 

aqueous fluid flux into a slowly extending continental crust can cause rapid basin subsidence 34 

that may be erroneously interpreted as an increased rate of tectonic activity. 35 

 36 

1 Introduction: 37 

Pull-apart basins, which form by crustal extension parallel to their long axis, provide a window 38 

into the deformation of the continental crust. Such basins are bounded by two strike-slip fault 39 

strands along their long axis and by one or two diagonal normal faults that connect between the 40 

strike-slip fault strands (e.g., [Aydin and Nur, 1982; Crowell, 1974; Garfunkel and Ben-41 

Avraham, 1996]) or are located along a jog in the strike-slip fault (e.g., [May et al., 1993]; 42 

[Seeber et al., 2006]). Their shape is often rhombic or that of a parallelogram. The depth to the 43 

bottom of the extended block and the subsidence rate of the basin are undefined in this kinematic 44 

description. One option is for the strike-slip fault strands to curve with depth and merge to a 45 

single fault in the middle crust (e.g., [Segall and Pollard, 1980]. Another option is for the 46 

separate strike-slip fault strands to extend into the upper mantle, in which case, the Moho is 47 

down-dropped [Ben-Avraham and Schubert, 2006]. A third alternative is for the strike-slip faults 48 

to terminate against or curve into a mid-crustal detachment (e.g., [Arbenz, 1984; May et al., 49 

1993; Seeber et al., 2006]). 50 

 51 

Sandbox models, ([Wu et al., 2009] and references within), and elastic boundary-element models 52 

driven by motion from below [Katzman et al., 1995; ten Brink et al., 1996] have attempted to 53 

recreate the 3-D geometry of pull-apart basins. Finite-element thermo-mechanical models using 54 

extrapolated laboratory measurements of rock rheology to lithospheric strength [Petrunin and 55 

Sobolev, 2006; Petrunin and Sobolev, 2008] have also modeled the subsidence rate and history 56 

of these basins. Recent advances in the study of continental extension focused on the role of 57 

strain localization and dynamic strength evolution, particularly in the middle crust [Lavier and 58 

Manatschal, 2006; Regenauer-Lieb et al., 2008]. These models have not yet been applied to 59 

pull-apart basins.  60 
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 61 

Here we present observations which suggest a significantly weaker middle crust under the Dead 62 

Sea pull-apart basin (DSB) than would be predicted by standard rheological models. The basin 63 

(Figure 1) overlies continental crust with a relatively simple thermo-mechanical history. The 64 

continental crust of the eastern Mediterranean margin is a Triassic-Jurassic passive continental 65 

margin with minor later tectonic activity [Freund et al., 1970; Garfunkel, 1997]. Heat flow in 66 

this region is low (45-54 mW/m2; [Eckstein and Simmons, 1978; Galanis et al., 1986]) and the 67 

narrow dimension of the basin (~10 km) assures that elevated heat flow as a result of extension 68 

dissipates rapidly in the surrounding crust [Pitman and Andrews, 1985; ten Brink et al., 1993]. 69 

Hence, crustal extension of the DSB represents extension of the rheologically-stratified crust 70 

without the complications of a mantle heat source. 71 

 72 

The DSB is a long (~150 km), narrow (≤15 km), and deep (< 8.5 km) basin along the Dead Sea 73 

continental transform (DST). Interpretation of the gravity field over the basin [ten Brink et al., 74 

1993], later confirmed by seismic refraction profiles [Mechie et al., 2009; ten Brink et al., 2006], 75 

indicates that within data resolution (2-3 km), The Moho is not deflected upward under the 76 

basin. Seismic refraction profiles also show the 18-km-deep upper-to-lower crust boundary not 77 

to be deflected upward or downward [Mechie et al., 2009; ten Brink et al., 2006]. The absence of 78 

appreciable deflection at the mid-crust and Moho levels suggests that, despite its large depth, 79 

basin deformation and crustal extension are confined to the upper crust.  80 

 81 

The DST is a strike-slip fault system (Inset in Figure 1), which currently accommodates 5±1.5 82 

mm/yr of left-lateral motion between the Arabian and African tectonic plates [Le Beon et al., 83 

2008]. A total offset of 105-110 km has accumulated along the plate boundary since the middle 84 

Miocene (~17-18 Ma) [Freund et al., 1970; Quennell, 1958]. The Dead Sea Basin has been 85 

accumulating sediments since the formation of the plate boundary (e.g., [Calvo and Bartov, 86 

2001] and continues to subside at present as evidenced by its low surface elevation (422 m 87 

below sea level). 88 

 89 
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In this paper we analyze the structure and subsidence rate of the DSB to further constrain models 90 

of crustal extension in cold continental crust. The paper combines the results of 2-D ray tracing 91 

models of seismic refraction data, with 3-D seismic tomography of explosions, mining shots and 92 

earthquakes, and 2.5-D gravity modeling in the vicinity of the Dead Sea Basin to better constrain 93 

the 3-D structure of the basin and its surrounding. Simple back-stripping analysis of the basin fill 94 

helps elucidate the recent change in subsidence rate. The 3-D structure of the basin and its 95 

varying subsidence rate with time are discussed in the context of ductile shear bands that might 96 

develop in the middle crust. Ductile shear bands might develop as feldspar undergoes retrograde 97 

metamorphism to white mica in the presence of aqueous fluids. 98 

 99 

2 Data analysis 100 

2.1 Wide Angle reflection and refraction 101 

Seismic data were collected during a multinational seismic refraction experiment on October 21-102 

22, 2004 [ten Brink et al., 2006]. 753 miniature seismic recorders (RefTek 125, nicknamed 103 

Texans) were deployed along a 280-km-long North-South profile along the transform valley and 104 

a 250-km-long East-West profile across the deep part of the basin a few km north of Amazyahu 105 

Fault (Figure 1). The Texans were attached to a single vertical 4.5 Hz geophone, and were 106 

placed at intervals of 0.65 to 0.75 km along the profiles. Nine controlled explosions, eight of 107 

1000 kg dynamite each and one of 3000 kg (Table 1), were detonated at the bottom of 25-40-m 108 

deep boreholes along the receiver lines. Two additional explosions, 750-kg dynamite each, 109 

(Table 1; Figure 1) were suspended at a depth of 50 m within the waters of the Dead Sea. 110 

 111 

Prior to analysis the seismic records from all the receivers were filtered with an Ormsby 112 

bandpass filter with corner frequencies at 1-2 and 10-20 Hz. The records were arranged as 113 

common-shot gathers and plotted in reduced travel-time format according to their shot-receiver 114 

offset (Figure A1). Phase arrivals, corresponding to refractions and prominent reflections were 115 

picked. The picking error is estimated to be +/- 100 ms. Shot and receiver locations were 116 

projected onto a best-fit straight line for each of the respective north-south and east-west profiles 117 

to allow 2-D analysis.  A forward and inverse ray tracing routine [Zelt and Smith, 1992] was 118 

used to model interactively [Song and ten Brink, 2004] the 5853 phase arrivals for the E-W line 119 
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(Figure 2) and the 2532 phase arrivals for the N-S line, and to generate a 2-D velocity model 120 

along each profile.  Modeling results of the east-west line were published by ten Brink et al. 121 

[2006] 122 

 123 

The structure along the E-W profile is relatively 2-D, and reciprocal travel-time arrivals can be 124 

identified to large shot-receiver offsets. Therefore, crustal structure along the E-W profile could 125 

be modeled down to the Moho (Figure 3).  As detailed in ten Brink et al. [2006], structures with 126 

amplitudes of less than 2.5 km in the sampled Moho or the edges of the profile are not 127 

resolvable.  Modeling the North-South line as a 2-D structure was difficult in the area of the 128 

Dead Sea Basin between shots 4 and 6, because the shot-receiver geometry does not provide 129 

reciprocity due to the location of the shots within the lake and many of the receivers along its 130 

eastern shore (Figure A2). The regions between shots 1 to 4 and shots 6 to 7 are modeled to an 131 

approximate depth of 15 km.  Deeper arrivals could not be modeled along the N-S profile 132 

because the basin is narrow and ray paths probably run partially or completely within the 133 

surrounding crust. 134 

 135 

2.2 Travel-time tomography 136 

In addition to the controlled explosions, the seismometers also recorded ten mining explosions 137 

and one shallow (~15 km) local earthquake (Figure 1, Table 1) during multiple recording 138 

windows of 20 minutes during October 21-22, 2004.  First arrivals for all sources were picked in 139 

unreduced time format because the locations of mining explosions were initially unknown 140 

(Figure 4, Figure A3). A few first-arrival data, recorded by seismometers of the Geophysical 141 

Institute of Israel seismic network were also picked. The seismic records from the Texans were 142 

filtered as before. For consistency, the explosion data from the seismic experiment was also re-143 

picked in this manner.  A total of 12,961 arrivals were picked for the tomography study; 6449 144 

arrivals from the explosion shot data and 6512 arrivals from the other events.  Data generated by 145 

the controlled explosions were assigned a picking error of +/- 250 ms and other data (mine 146 

explosion or earthquakes) were assigned a picking error of +/- 300 ms. Events not listed on the 147 

Israeli earthquake catalogue were identified by seismic arrivals from our receivers in the Lisan 148 

Peninsula in the Dead Sea Basin.  Receivers located in the Lisan Peninsula consistently detected 149 



 

 6 

clear first arrivals from very small events, even when the rest of our deployed receivers detected 150 

very weak or no arrivals.  Arrivals detected but not related to the experiment shot data were 151 

preliminarily located using HypoInverse 2000 [Klein, 2002] with a simple 1-D velocity model 152 

[Al-Tarazi et al., 2006]. Since most of the extra events were assumed to be from quarry 153 

explosions, a general new location was identified using imagery in Google Earth© and known 154 

locations of quarries [Abu-Ajamieh et al., 1988] in the vicinity of the initial location provided by 155 

HypoInverse.  In most cases the new location at an established quarry was easily found due to 156 

the proximity of the preliminary location and the quarry. An approximate location error of +/- 2 157 

km was assigned, which translated to change in RMS of ~0.1 s in the HypoInverse program. 158 

However, the tomographic coverage is mainly the result of the sparse shot spacing and the 159 

concentration of hundreds of receivers along two lines instead of being evenly distributed in 160 

space (Figure 5a, Figure A4). 161 

 162 

We used the 3-D first arrival regularized inversion method of [Zelt and Barton, 1998] that relies 163 

on a linearized iterative approach to search for the simplest velocity model that will fit the 164 

observed first arrivals within the accuracy of the picked error. The velocity model and ray paths 165 

are both updated during each iteration with the goal of minimizing the normalized misfit 2 166 

while keeping the velocity model smooth.  Weight parameters in the inversion were varied with 167 

depth with the least weight in the near-surface part of the model and increasing weight with 168 

depth.  An accepted final model has a low 2 value and RMS values between 600 – 500 ms. 169 

Below 2 values of 4, successive iterations of the inversion do not show significant improvement 170 

in RMS and the small scale variability of the velocity model increases.  171 

 172 

The velocity model volume consisted of 351x401x56 nodes in the x, y and z directions with one 173 

km spacing for a total of 140,807 nodes.  Locations of events and stations were transformed 174 

from latitude and longitude locations into UTM coordinates.  These UTM coordinates were then 175 

translated into model x, y, and z locations in units of kilometers.  We used a reference point of 176 

30.9860°N 35.3633°E (UTM coordinates 36R, 725678.1907, 3430447.4068) as the center point 177 

of the model (x=175, y=200) and model limits of x= 0, 350, y= 0, 400, and z=-5, 50 km.  A 2 178 

minutes (3.25 km) interval topography grid was re-sampled and transformed into a 1 km interval 179 
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topography grid.  This surface grid cuts into the background velocity volume to restrict ray path 180 

propagations to only below the topography. 181 

 182 

As discussed in Zelt and Barton [1998], the inversion grid used to calculate the slowness of the 183 

ray paths can have a larger grid size than that of the velocity model.  To calculate the final 184 

velocity model we started with a large inversion cell size (25 km x 25 km x 5 km) and gradually 185 

reduced the size (minimum of 10 km x 10 km x 1 km; Table 2).  With a large grid size, 186 

smoothed general velocity trends can be approximated and found quickly. Reduction in 187 

inversion grid size with each iteration step was used to fine-tune the absolute velocities in the 188 

model [Haberland et al., 2007] and improve model fit (Table 2). Resolution tests of the model 189 

are discussed in the appendix. 190 

 191 

Starting with a laterally homogenous velocity model (after [Al-Tarazi et al., 2006]), and the 192 

largest grid size, the major features of the velocity model can already be identified such as the 193 

low velocity regions of the DSB and the Timna-Gharandal region.  Differences in crustal 194 

velocity with depth appear across the DST particularly along the E-W profile.  Several other 195 

starting models with velocity variations between the two sides of the transform valley were also 196 

tested. Although the goodness of fit of the starting homogenous model is slightly worse than the 197 

starting models with lateral variations across the transform valley, the final model is as good or 198 

better than the heterogeneous starting models (Table A1). All final models regardless of the 199 

starting model consistently show low and high velocities in the same areas and depths. 200 

 201 

Plots of ray coverage (Figure 5a, Figure A4) help identify those parts of the model, which are 202 

well resolved. Ray coverage is determined by the geometry of the receivers and sound sources. 203 

The plots are binned at source-receiver intervals of 20 km. Using a basic rule of thumb of one 204 

quarter of the source-receiver distance as the approximate depth of the turning point of a ray 205 

path, we note that the top 5 km of the model is well covered along the receiver lines. Model 206 

depth of 5-20 km is sampled by distributed ray coverage between the two receiver lines, and the 207 

coverage of model depths >20 km is sparse.   208 

 209 
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Checkerboard tests (see supplementary material) show that only large-scale features in the 210 

velocity model can be resolved (Figure 5b) due to the geometry of the shot and receivers. In 211 

addition to the areas along the receiver lines in the model, the resolution of the checkerboard is 212 

best at the top 2-5 km of the model, where velocity contrasts in the final model are large (±15%) 213 

and it decreases with depth, where the velocity contrast is smaller (9-7%). Low velocity areas 214 

are difficult to resolve in general in tomography of first-arrival travel time, due to the tendency 215 

of the first arrivals to travel through the faster regions of the medium.  The resolution of the 216 

model seems to be robust enough in the upper 12 km of the model, which is the model region 217 

needed to determine the general shape of the Dead Sea basin. 218 

 219 

2.3 Gravity: 220 

Gravity profiles were extracted from the combined database of gravity measurements of Israel 221 

and Jordan [ten Brink et al., 1999].  The two profiles were sampled at 1 km spacing along the E-222 

W and N-S profiles.  Free-air gravity data was modeled with GM-SYS™ software to derive 223 

density models along the two profiles (Figures 6a, 6b, and 7).  Two different strategies were 224 

used in each profile. To test the velocity model along the east-west profile, we converted the P 225 

wave velocity model of ten Brink et al. [2006] to a density model using P wave velocity to 226 

density relationship [Brocher, 2005] and compared the calculated gravity from this model to the 227 

observed gravity profile (Figure 6a top). The calculated gravity shows a good fit to the observed 228 

gravity profile in the middle section but not at the edges of the profile, possibly because the 229 

velocity model is not as well constrained at the western edge of the model, and out-of-plane 230 

density effects in Al-Jafr Basin dominate the eastern edge of the model.  231 

 232 

Results from extensive geophysical work in the transform valley and the surrounding highlands 233 

were used to build a density model along the north-south profile (Figure 6b, 7).  This work 234 

includes general crustal studies of the Middle East for depths to the crystalline basement and 235 

upper sedimentary layers [Rybakov and Segev, 2004; Segev et al., 2006], gravity and airborne 236 

magnetic studies [ten Brink et al., 1999; ten Brink et al., 2007], density-depth profiles from well 237 

log data [Rybakov et al., 1999], sediment thickness beneath the western and eastern and western 238 

highlands from boreholes [Abu Saad and Andrews, 1993; Garfunkel and Derin, 1984; Gilboa et 239 
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al., 1993], and basin geometry from seismic reflection studies [Al-Zoubi and ten Brink, 2001; Al-240 

Zoubi and ten Brink, 2002; Al-Zoubi et al., 2007; Ginzburg et al., 2007; Lazar et al., 2006]. 241 

Because of the lack of reliable crustal velocities along the N-S line, we used the velocity-derived 242 

crustal densities beneath and outside the basin along the E-W (Figure 6a) for the crust beneath 243 

the basin and outside the basin along the N-S profile. Unlike the E-W profile, the N-S profile 244 

uses the 2 1/2 dimensional modeling to account for gravitational attraction of the rocks outside 245 

the narrow basins and for other potential out-of-plane bodies that may contribute to the total 246 

gravity profile.  The basin width is loosely modeled from the observed surface expression and at 247 

the deeper part of the basin it is inferred to narrow with depth following seismic reflection 248 

profiles [Al-Zoubi and ten Brink, 2001; Kashai and Croker, 1987; ten Brink and Ben-Avraham, 249 

1989]. The gravity model along this profile is used to augment our interpretation of the structure 250 

of the basin.  251 

 252 

3. Interpretation: 253 

3.1 Shape of the Basin 254 

Previous studies were able to map the depth of the Dead Sea basin fill in several locations. The 255 

most direct evidence is the Sedom Deep-1 borehole (Figure 6a), which reached a depth of 6445 256 

m below the surface (6830 m b.s.l), and sampled the entire basin fill of continental and lacustrine 257 

mid-Miocene-to-present sediments, including a 900 m thick layer of Pliocene salt [Gardosh et 258 

al., 1997]. Identification of the base of the basin fill on seismic reflection profiles is more 259 

difficult. Continental and lacustrine sediments of the Hazeva Group fill the bottom of the Dead 260 

Sea basin. From geological studies the lower two formations of the Hazeva Group with a 261 

maximum thickness of 200 m, were deposited before the Dead Sea Transform and the Dead Sea 262 

basin started their activity [Calvo and Bartov, 2001]. Hence, the uncertainty in locating the base 263 

of basin fill is ~200 m. South of Amazyahu Fault, Al-Zoubi and ten Brink [2002] identified the 264 

base of the basin fill in a seismic reflection line, as dipping northward for 35 km from the 265 

southern end of the basin to a depth of ~5 km (Figure 6b). Pre-stack depth migration of seismic 266 

reflection profiles between Amazyahu fault and the Lisan Peninsula (Figure 6b) maps the base of 267 

the basin at a depth of ~7 km [Ginzburg et al., 2007] with an estimated uncertainty of ±200 m 268 

(M. Reshef, pers. Comm., 2008). The frequency of micro-earthquakes in the central basin 269 
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(between km 150-200 in Figure 6b) increases five fold below a depth of 7-8 [Braeuer et al., 270 

submitted], and we interpret this depth to mark the boundary between semi-consolidated basin 271 

fill and the consolidated pre-basin Paleozoic to Early Cenozoic sediments. Our E-W seismic 272 

refraction profile, which crosses the basin a few km north of Amazyahu fault, placed the base of 273 

the basin at 6.6 km depth b.s.l., (Figure 6a; [ten Brink et al., 2006]). Using poor-quality seismic 274 

reflection data beneath the Lisan Peninsula, Al-Zoubi and ten Brink [2001] identified the base of 275 

basin fill under the Lisan Peninsula at ~8 km and suggested that most of the fill there consists of 276 

salt. Mechie et al. [2009] placed the base of basin fill under the Lisan Peninsula at 8.5 km 277 

(Figure 6b). Only one refraction study was previously conducted in the northern part of the basin 278 

[Ginzburg and Ben-Avraham, 1997]. It modeled an interface with velocity contrast of 4.8 to 6 279 

km/s dipping from 6 km depth at the northern edge of the lake to 8 km at the Lisan peninsula 280 

(Figure 6b). This interface was interpreted, however, as the bottom of the pre-basin sediments 281 

below the basin fill, not the base of the basin fill itself. The base of basin fill in seismic reflection 282 

data north of the lake is poorly defined [Al-Zoubi et al., 2007; Lazar et al., 2006; Shamir et al., 283 

2005] probably because of the narrow width of the basin. Lazar et al. [2006] proposed a 284 

transverse fault (Kalia fault) buried under young sediments located about 15 km south of the 285 

northern shore of the lake, which coincides with the epicenter of the M 5.1 2004 earthquake. We 286 

use the depth constraints from the aforementioned seismic reflection and refraction studies 287 

(except for that of Ginzburg and Ben-Avraham [1997]) in the gravity models (Figures 6a and 6b) 288 

and densities from the down-hole density profile of Sedom Deep-1 borehole [Rybakov et al., 289 

1999]. 290 

 291 

A sediment velocity gradient of 2.4 - 4.9 km/s is derived from ray tracing along the E-W line 292 

([ten Brink et al., 2006]; Figure 6a), and is comparable with sonic log velocity gradient from 293 

Sedom Deep-1 borehole (Inset in Figure 6a). It increases from 4.9 km/s to 5.3 km/s at the base of 294 

the fill. Mechie et al. [2009] identified a uniformly high basin fill velocity of 4 km/s at the 295 

surface increasing to 4.8 km/s at the base, which probably reflects the existence of salt in most of 296 

the depth section under the Lisan Peninsula. Sediment velocity within the basin in our 297 

tomographic model is higher (4.2-5.4 km/s below ~ 1 km depth, Figure 6b) than in the sonic logs 298 

and the E-W ray-tracing model but is lower than in the ray-tracing model under the adjacent 299 



 

 11 

highlands (Figures 6 and 8). The coarse resolution of the tomographic model and the uneven 300 

distribution of shots and receivers tend to average the velocity across the sharp lateral boundary 301 

between the slow velocities within the basin and the high velocities in the surrounding regions 302 

(Figure 6a). We chose the 5.4 km/s velocity contour as the base of basin-fill in the tomographic 303 

model because it fits well with depth determinations from the borehole, seismic reflection 304 

profiles, and the 2-D ray-tracing model along the E-W profile. Using the 5.4 km/s contour in the 305 

tomography model as the base of the basin fill, we make a general map of the shape of the basin 306 

(Figure 8a).  The deepest part of the basin is located under the Lisan Peninsula at a depth >8 km. 307 

The basin is asymmetric along axis, as already noted in gravity modeling [ten Brink et al., 1993], 308 

extending 50-60 km to the north and 80-100 km to the south. 309 

 310 

The northern part of the basin, which is located under the lake, continues to be unusually deep 311 

(>6 km) in the tomographic results (Figure 6b, 8a), but shallows rapidly at or north of the 312 

northern shore of the lake. Gravity modeling suggests a more gradual thinning toward the 313 

northern end of the basin (Figure 6b). In an attempt to reconcile the gravity model in the 314 

northern basin with the tomographic results, we increased the basin-fill density there by placing 315 

a 1-km thick dense layer (2650 kg/m3) within the basin fill. This dense layer may represent 316 

basalt flows extending from Zarqa’ Ma’in on the eastern shore of the lake. However, even with 317 

the increased density of the basin fill, the modeled basin floor from gravity at the north end of 318 

the basin cannot resemble that from the tomography. On the other hand, tomographic models 319 

tend to focus lower velocities beneath the sparse explosions to improve fit to the data, and the 320 

low-velocity under shot 6 (km 235 in Figure 6b) is therefore interpreted as an artifact.  321 

 322 

A 2-D ray-tracing model, which uses reciprocal phases between Shots #6 and #7 north of the 323 

Dead Sea, indicates that basin thickness decreases gradually for 28 km north of the lake and then 324 

decreases rapidly in the vicinity of Ghor Katar (Figure 9a). A small exposure of older basin fill 325 

rocks (Pleistocene Samra Formation) and a young volcanic outcrop are located near Ghor Katar 326 

[Begin, 1975; Bender, 1974]. This exposure is coincident with a positive peak in the gradually 327 

increasing Bouguer [ten Brink et al., 1999] and free-air (Figure 6b) gravity fields.  328 

 329 
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To the south, the tomography results and gravity model show that the basin remains relatively 330 

deep (6-7 km) until Amazyahu Fault [Figure 6b, Al-Zoubi and ten Brink, 2001; Ginzburg et al., 331 

2007]. The basin floor rises to a depth <4 km along the Amazyahu normal fault [Ginzburg et al., 332 

2007], but is deeper again south of Amazyahu Fault (4-5 km, [Gardosh et al., 1997; Ginzburg et 333 

al., 2007], Figure 6b). The basin shallows southward gradually and disappears about 50 km 334 

south of Amazyahu Fault [Al-Zoubi and ten Brink, 2002, Figure 7].  335 

 336 

Basement reaches close to the surface south of the DSB as reflected in the high seismic 337 

velocities close to the surface (Figure 6b, Figure 9b). This area is also up to 200 m above sea 338 

level. Two small basins were identified at the southern end of our study area in previous gravity 339 

[ten Brink et al., 1998], seismic [Frieslander, 2000], and aeromagnetic studies [ten Brink et al., 340 

2007].  The Gharandal basin immediately south of the basement high of the central Arava valley 341 

is approximately 2 km wide, 17 km long, and no more than 500 m deep.  Its size is too small to 342 

be detected by the tomography method but it shows in the 2-D ray-tracing model as a region of 343 

slow seismic velocities (2.4 km/s) near the surface (Figure 9b). Timna basin at the southern end 344 

of our model is approximately 6 km wide, 30 km long and 1-1.5 km deep [ten Brink et al., 345 

1999]. Due to its larger size, the Timna basin is sampled in the tomography and the wide-angle 346 

with seismic velocity of 3.4 km/s, but because it is located at the edge of the seismic model, the 347 

shape and depth and width of this basin are smeared (Figure 6b, Figure 9b).  The gravity profile 348 

shows a relatively negative anomaly over the Timna basin (Figures 6b, 8).  349 

 350 

3.2 Thickness of older sediments 351 

The region surrounding the DST in Israel and Jordan is covered by sedimentary rocks of variable 352 

thickness and composition ranging in age from the latest Pre-Cambrian to the Eocene [Garfunkel 353 

and Derin, 1984]. Pre-Permian Paleozoic sandstones increase in thickness to the south and east 354 

away from the Levant Triassic-Jurassic passive continental margin, whereas Mesozoic and 355 

Cenozoic sedimentary thickness increases to the north and east [Bender, 1974; Garfunkel and 356 

Derin, 1984]. Limestone, dolomite, and chalk were deposited on the ancient continental shelf 357 

and fluvial sediments consisting mainly of sandstone were deposited landward of the shelf 358 

[Garfunkel and Derin, 1984]. The ancient coastline, which was the boundary between the two 359 
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lithological domains, changes its orientation from N-S to E-W at about the latitude of the DSB. 360 

As a result the DST south of the DSB is underlain by thin mostly sandstone or is devoid of 361 

sediments, and the DST north of the DSB is underlain mostly by much thicker carbonate rocks 362 

[Garfunkel and Derin, 1984; Andrews, 1991, 1992a, 1992b; Segev et al., 2006]. Specifically, the 363 

total thickness of the older sedimentary section on the western flank of the DST increases from 364 

<1 km at the southern end of our study area to > 6 km at the northern end [Garfunkel and Derin, 365 

1984; Segev et al., 2006].  However, the exact thickness variations and the location of the 366 

lithological boundary beneath the DSB itself are unknown. 367 

 368 

Wide-angle seismic reflection profiles across the basin place the contact between the older 369 

sediments and the underlying crystalline basement at P wave velocity of 5.9 km/s, and at a depth 370 

of 10-11 km north of Amazyahu Fault (Figure 6a, [ten Brink et al., 2006]) and under the Lisan 371 

Peninsula [Mechie et al., 2009]. The tomographic inversion shows an increased velocity gradient 372 

at 5.8 km/s, which we interpret to be the top of the crystalline basement. The depth to the 5.8 373 

km/s contour varies from 12 km under the Lisan Peninsula and the southern part of the lake to 7 374 

km under the Amazyahu Fault and 9-10 km under the northern end of the lake (Figure 8b). The 375 

difference between the depth of basin fill (Figure 8a) and the depth to the crystalline basement 376 

(Figure 8b) represents the thickness of the older pre-basin sediments. The older sediments 377 

increase in thickness from 3 km in the southern half of the basin to 4 km under the Lisan 378 

peninsula and under the lake to 5-6 km under the Jordan valley north of the Dead Sea. However, 379 

the lateral resolution of this change is probably no better than 20-25 km as evident by the 380 

extension of basin contours beyond the width of the basin (Figure 8b). 381 

 382 

The 2 1/2-D gravity model along the axis of the DST is compatible with the thickness variations 383 

in the tomography model (Figure 7b). The model accounts for variations in the width of the 384 

basin along the axis of the DST, and known changes in the thickness and lithology of the 385 

sediment cover immediately west and east of the DST valley. The gravity model under the DST 386 

assumes that the south-to-north variations in the thickness and lithology of the older sediment 387 

layer is similar to that under the western flank of the DST (Figure 7), implying that the general 388 

plate boundary at depth is closer to the eastern side of the transform valley. The calculated 389 



 

 14 

gravity from this model produces a good fit to the observed gravity (Figure 6b, top).  Note that 390 

the northward increase in thickness of the older pre-basin sedimentary layer is not manifested in 391 

the gravity field. This is due to the change from mainly sandstone composition in the south, 392 

which has an average density of 2550 kg/m3 to limestone and dolomite, which have an average 393 

density of 2650 kg/ m3 [Rybakov et al., 1999].  394 

 395 

3.3 Deeper structure: 396 

E-W profiles from ray tracing of wide-angle reflection data show an anomalously low seismic 397 

velocity in the upper crust below the DSB (6.1-6.5 km/s, [ten Brink et al., 2006], Figure 6a; 5.9-398 

6.4 km/s, [Mechie et al., 2009]) relative to upper crustal velocity in the surrounding area (6.3-6.5 399 

km/s). Whether the lower P-wave velocity in the upper crust is associated with a lower density 400 

cannot be resolved. Models with lower density following empirical velocity-density 401 

relationships [Brocher et al., 2005], and models without a density anomaly in the upper crust fit 402 

both the N-S and E-W gravity profiles equally well. Because we do not know of processes 403 

capable of reducing upper crust density under the basin, we do not assign anomalous density to 404 

the region of anomalous velocity.  405 

 406 

The lower crust velocity under the DSB in the E-W wide-angle seismic profiles (6.8-7 km/s; 407 

Figure 6a) is similar to that to the east and west, giving no indication of lower crustal extension, 408 

contrary to predictions from thermo-mechanical models with layered crustal rheology [Petrunin 409 

and Sobolev, 2006, 2008). The upper-to-lower crustal boundary under the basin at depth of 18  410 

[ten Brink et al., 2006] to 20 km [Mechie et al., 2009] is not deflected upward as predicted by 411 

analog models of brittle upper crust and ductile lower crust [Wu et al., 2009]. Micro-seismic 412 

activity in the region between Amazyahu Fault and the Lisan decreases five-fold below a depth 413 

of 17 km ([Braeuer et al., submitted], Figure 6b). The Moho is at depth of 30-31 [ten Brink et 414 

al., 2006] to 32.5 km [Mechie et al., 2009]. The wide-angle seismic data ([Ginzburg et al., 1979; 415 

ten Brink et al., 2006], Figure 6a) and the gravity model (Figure 7a) suggest that crustal 416 

thickness decreases across the passive continental margin toward the Eastern Mediterranean Sea. 417 

 418 

4. Basin subsidence 419 
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Changes in subsidence rate with time provide an important constraint on the formation process 420 

of pull-apart basins. Subsidence rate is commonly estimated using the backstripping method 421 

[Steckler and Watts, 1978], which successively de-compacts the present-day stratigraphic 422 

thickness of layers within the basin to their thickness at the time of deposition. Corrections for 423 

water depth at the time of deposition and for variations in sea level from present sea level must 424 

also be made. Thus, the Airy compensated tectonic subsidence, Y, is 425 

(1)  426 

  427 

 428 

Where Wi is the water depth, S*
 is the de-compacted sediment thickness, Δsl is the height of mean 429 

sea level with respect to a reference surface and ρ is the density for the mantle (m), sediment 430 

layer (s) and water (w) respectively.  For the Dead Sea basin, which was disconnected from the 431 

world oceans for much of its history and contains fluvial and lacustrine sediments, sea level and 432 

water depth are set to zero. The backstripping equation is further simplified by ignoring isostatic 433 

compensation. Isostatic compensation can be ignored because the basin is narrow (10-15 km) 434 

relative to typical flexural wavelengths of the lithosphere [ten Brink et al., 1993]. Hence, Y = S*. 435 

The de-compacted sediment thickness is,  436 

(2) 437 

     438 

Where, S the layer thickness after compaction for a given depth, φsi is the layer porosity after it 439 

underwent compaction for a given rock type at a specific depth and φ*
si is the initial layer 440 

porosity before compaction. Variations of porosity with depth of burial can be complex, but are 441 

often simplified by an exponential decrease with depth 442 

(3)  
e

sisi

CZ
*  443 

Where φsi is the porosity for a formation at a specified depth, φ*
si the initial porosity at the 444 

surface, c is the lithology dependent coefficient rate of exponential decrease in porosity with 445 

depth and z is a given depth [e.g., Hölzel et al., 2008]. Formation porosities are calculated using 446 

values for φ*
si and c is given by Holzel et al. [2008 (Table 3) 447 

 448 
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The Sedom Deep-1 well is located close to the deepest part of the basin (Figure 1) and is 449 

therefore considered to be a representative sample for the total basin subsidence history. We 450 

used the approximate percent compositions of marls and sandy marls in the Sedom Deep-1 well 451 

log to calculate φ and c for the different layers of basin fill (see Table 3). The well section was 452 

divided based on the interpretation of the gamma-ray log to six major depositional sections 453 

[Larsen et al., 2002]: Hazeva Group (17-6 Ma; 6448 – 4700 m depth), Sedom salt (6 - 3 Ma; 454 

4700 – 3750 m depth), Melech Sedom (3 – 1 Ma; 3750 – 2950 m depth), Amora 1 Formation (1 455 

– 0.7 Ma; 2950 – 2100 m depth), Amora 2 Formation (0.7 – 0.3 Ma; 2100 – 1400 m depth), and 456 

Lisan-Samra Formation (0.3 Ma – present; 1400 – 0 m depth).  The lithological descriptions are 457 

based on the interpretations of Larsen et al. [2002], Gardosh et al. [1997], Calvo and Bartov 458 

[2001], Horowitz [1987], Bartov et al., [2002], and Bartov et al., [2007]. 459 

 460 

The Hazeva Group, which outcrops at the southern end of the DSB, consists of 5 geologic 461 

formations, with the two lowest formations (Ef’e and Gidron) being older than the ~17 Ma age 462 

of the DST (as old as 20 Ma [Calvo and Bartov, 2001], or 23.8 Ma [Horowitz, 1987]). These two 463 

formations are <200 m thick and their inclusion in the subsidence calculation introduces only a 464 

small error to the subsidence rate. On the other hand, it is not clear if the Sedom Deep-1 well 465 

reached the bottom of Hazeva Formation [Gardosh et al., 1997; Calvo and Bartov, 2001].  The 466 

Sedom Salt Formation in this well consists of 950 m of halite with a mix of anhydrite and 467 

gypsum, but the presence of large salt diapirs within the DSB suggests salt migration with time.  468 

Horowitz [1987] estimated the original thickness of salt layer between 1000-1200 m, and 469 

Garfunkel [1997] suggested it to be 2000 m. The Sedom Salt formation is calculated using two 470 

end member scenarios: one where only 950 m where deposited during the Pliocene and the 471 

other, where 2000 m of salt were deposited, but the layer thickness has since been decreasing 472 

linearly with time at a rate to the current observed thickness of 950 m.   473 

 474 

The Melech Sedom unit of the Amora Formation consists of 800 m of mostly of quartz 475 

sandstones deposited in the late Pliocene-early Pleistocene [Horowitz, 1987]. The remaining 476 

Pleistocene-age Amora Formation is divided into two sections.  The Amora 1 section is an 850- 477 

m-thick fining upward deposition sequence with dominant sands interlaced with shales and the 478 
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Amora 2 section comprises of 600-m-thick mix of shale and sands overlain by 100 m of mostly 479 

shales [Gardosh et al., 1997; Larsen et al., 2002]. The Lisan-Samra Formation consists of a 480 

1400-m-thick sequence of shaley sands with clays and lake carbonates deposited from 0.70 – 481 

0.150 Ma [Begin, 1975; Bartov et al., 2002; Bartov et al., 2007].  The surface at Sedom Deep-1 482 

well is currently at ~-380 m. Because of the lack of constraints on the rate of surface subsidence, 483 

the entire 380 m were added to the most recent section. 484 

   485 

The total tectonic subsidence of the basin (Figure 10) is close to the total thickness of sediments 486 

for three reasons: (a) isostatic amplification was not considered; (b) the large time interval 487 

represented by the Hazeva Group was de-compacted as a single unit; and (c) the mainly salt 488 

layer of Sedom Salt Formation was not de-compacted at all. The subsidence rate appears to have 489 

been fairly constant at a few hundred meters/m.y. throughout the life of the basin and has 490 

accelerated by an order of magnitude about 1 m.y. ago (Figure 10). Using U-series and oxygen 491 

isotope chronology for the mid-Pleistocene, Torfstein et al. [2009] suggested that a gypsum layer 492 

at a depth of 540 m was deposited 420 ky ago. This depth-age pair implies a slightly lower 493 

subsidence rate for the late Pleistocene (grey dot in Figure 10), but this rate is still an order of 494 

magnitude higher than the Mio-Pliocene subsidence rate. 495 

 496 

Subsidence rates of a few hundred m/m.y. appear to be typical to other basins along the DST. 497 
40Ar/39Ar dating of basalt layers in a 2781-m-deep well at the center of the Hula basin (Figure 1) 498 

gives a uniform rate of subsidence (not corrected for compaction) of 500-700 m/m.y. since 4.1 499 

Ma [Heimann and Steinitz, 1989]. Pollen dating of a 4249-m-deep well in Kinarot basin (Figure 500 

1) gives an uncorrected subsidence rate of 500 m/m.y. since 1.8 Ma and ~300 m/m.y. since 501 

Middle Miocene [Horowitz, 1987]. 502 

 503 

In the Dead Sea basin the accelerating subsidence rate during the Pleistocene is supported by 504 

geological evidence. Sedimentation during the Miocene has kept up with subsidence as indicated 505 

by evidence for occasional sediment transport from east to west across the basin [Garfunkel and 506 

Horowitz, 1966]. Sands within the Pliocene salt layer were derived from the underlying Hazeva 507 

Group sediments, whereas sands in the Amora Formation sample the entire Phanerozoic section 508 
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[Sa’ar, 1985], indicating that the present topography of a basin and uplifted highlands has 509 

mainly developed during the Pleistocene [ten Brink and Ben-Avraham, 1989]. The present 510 

surface elevation of the lake (-422 m) also suggests that sedimentation has recently not kept up 511 

with subsidence. Estimates of subsidence rate from interferometric synthetic aperture radar 512 

(InSar) measurements are 0-20 mm/y, although it is difficult to separate consolidation, salt 513 

movement, and hydrologic effects from tectonic subsidence [Baer et al., 2002]. 514 

 515 

5. Discussion – the role of fluids in basin subsidence 516 

Several observations about structure and temporal evolution of the DSB provide important 517 

constraints on its mechanical development. 1. The lower crust below 18 km does not appear to 518 

be affected by basin development, despite the great depth of the basin (≤8.5 km). 2. Upper 519 

crustal P-wave velocity is anomalously low in a narrow (10-15 km) zone beneath the basin. 3. 520 

Subsidence rate has accelerated by an order of magnitude during the past 1 m.y.  521 

 522 

A decrease in upper crust P wave velocity under the basin is interpreted to be the result of higher 523 

than typical pore fluid pressure in that layer [e.g., Stern et al., 2001]. The magnitude of the 524 

decrease depends on pore geometry; the decrease is small if the pores are round but is significant 525 

if pores are thin and long [Marquis and Hyndman, 1992]. It is less likely that the reduction in 526 

wave speed is due to dry fractures, because dry fractures will likely shut with depth [Mooney 527 

and Ginzburg, 1986]. The fluid source to the middle crust could be fluids drawn from the 528 

surrounding crust by the large negative vertical stress (≤ 45 MPa) under the basin due to its 529 

lighter overburden relative to the surrounding areas (Figure 11a), and/or by dehydration of the 530 

upper mantle and migration up deep shear zones. Kennedy et al. [1997] used 3He/4He ratio in 531 

wells, springs, and seeps along the San Andreas Fault to suggest that mantle fluids pass through 532 

the ductile crust into the brittle fault zone. The helium ratio indicates that between 1%-50% of 533 

the surface fluids may originate in the mantle.  Kennedy et al. [2007] documented a positive 534 

regional correlation between 3He/4He ratios in surface fluids in the western U.S. and the rate of 535 

crustal extension and shear strain. Friedman et al. [1999] discussed possible evidence for mantle 536 

or lower crust fluids in groundwater along the DST, although a thorough analysis has not been 537 

done. 538 
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 539 

Retrograde metamorphic reactions of feldspar in the presence of pore fluids have been 540 

documented in several shear zones in the middle continental crust [Beach, 1980; Gueydan et al., 541 

2003; Janecke and Evans, 1988]. The metamorphic reactions produce muscovite, which alters 542 

the fabric and strength of the deformed rock by producing weak, highly foliated mica bands. 543 

Laboratory deformation experiments of thin layers of oriented muscovite aggregate (simulated 544 

shear zone) show semi-brittle behavior at low strain rates at temperatures < 700°C, but at 700°C 545 

the shear strength falls rapidly with a linear-viscous characteristic [Mariani et al., 2006]. 546 

Extrapolating these results to geological strain rates (10-12- 10-14 s-1), these authors proposed a 547 

rapid strength drop by viscous creep at depths of 15-18 km (assuming a temperature gradient of 548 

22°C/km and an overburden rate of 27 MPa/km). Laboratory experiments of fine-grained 549 

feldspar aggregate at higher pressure and temperatures show that water in isolated pores under 550 

hydrostatic conditions changed during deformation to wetted grain boundaries [Tullis et al., 551 

1996]. A significant strength drop and an order of magnitude increase in bulk transport rate 552 

through the aggregate accompanied the fluid re-distribution, and the deformation mode changed 553 

from dislocation creep to diffusion creep. A similar effect was not seen in quartz. 554 

 555 

Bailey [1990] proposed that aqueous fluids can percolate rapidly through the ductile lower crust, 556 

but are trapped at the brittle-ductile transition within the crust because of the low permeability of 557 

the brittle crust. Given the generally compressive state of stress in the continental lithosphere 558 

[Zoback, 1992], the fluids are expected to accumulate in horizontal layers aided perhaps by 559 

hydraulic fracturing. As shown by the 3He/4He ratio in the San Andreas Fault [Kennedy et al., 560 

1997], the presence of a continental transform zone under the DSB will likely aid in the transport 561 

of fluids to the middle crust.  562 

 563 

We propose that the sudden increase in subsidence rate of the DSB is the result of hydration 564 

reactions causing retrograde metamorphism of feldspar to muscovite in the middle crust. This 565 

alteration helped focus the extension into narrow inter-connected mid-crustal ductile shear zones 566 

(Figure 11b) resulting in a significant shear strength reduction and a significant increase in 567 

transport rate in that layer. An increase in subsidence rate under the basin can occur if the ductile 568 
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shear zones extend horizontally to the crust surrounding the basin and spread the subsidence 569 

over a broader region or if the ductile shear zones connect vertically to deeper crustal levels or to 570 

shallow low-angle faults. 571 

 572 

The connection of mid-crustal shear zones to deeper or shallower levels in continental rifts is 573 

expected to result in exhumation of the lower crust and/or upper mantle [e.g., Lavier and 574 

Manatschal, 2006]. Because there are no observations of lower crustal exhumation and shallow 575 

low-angle faults along the DST, ductile shear zones under the DSB are probably confined to the 576 

middle crust and distribute the subsidence over a broader region. The clearest example of 577 

distributed subsidence is the “sagging” of the basin south of the Amazyahu transverse fault 578 

without significant transverse faulting ([Al-Zoubi and ten brink, 2002], Figures 1, 6b). Larsen et 579 

al. [2002] proposed that a southward migration of the depocenter across Amazyahu fault started 580 

~1 m.y. ago. Farther south, the basin gradually thins until it disappears about 50 km to the south. 581 

Stratigraphic relationships in this part show possible onlap to the south, which is interpreted as 582 

lengthening of the basin with time (Figure 11b). The average Pleistocene subsidence of the 583 

southern part is at least 1.25 km [Al-Zoubi and ten Brink, 2002]. Other areas of subsidence are 584 

more speculative: The central ~80 km of the basin is ~15 km wide, 5 km wider than the gap 585 

between the strike-slip fault strands (e.g., Figure 7). The region outside the fault strands consists 586 

of subsided blocks of intermediate depth along the west side [Kashai and Crocker, 1987; ten 587 

Brink and Ben-Avraham, 1989] and in places also along the east side [Al-Zoubi et al., 2002]. 588 

Post mid-Pleistocene subsidence is estimated to be at least 1.5 km (Amiaz borehole [Gardosh et 589 

al., 1997]). The northern 20 km of the basin, where the surrounding blocks of intermediate depth 590 

almost disappear (Figure 7), could perhaps accommodate ≤2 km of subsidence, but its geometry 591 

and subsidence history are poorly constrained. Lastly, extrapolating GPS rates of motion 592 

suggests that the upper crust of the pull-apart basin probably extended by ~5 km during the past 593 

1 m.y. Of the 4-km of subsidence since 1 m.y. ago, ~1 km of subsidence in the central ~80 km of 594 

the basin could have been the result of partial evacuation of the Pliocene salt into diapirs 595 

[Garfunkel, 1997], which may have started in the mid-Pleistocene [ten Brink and Ben-Avraham, 596 

1989]. The remaining subsidence can then be balanced by the subsidence south, west, and 597 

perhaps north of the deepest part of the basin, and by the predicted extension during that period. 598 
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Hence, we propose that the increased subsidence rate in the central deep part of the DSB is 599 

accommodated by subsidence in a broader region.  600 

 601 

The DSB may not be the only basin where rapid subsidence unrelated to a tectonic event has 602 

occurred. For example, an anomalous rapid subsidence phase, accompanied by minor normal 603 

faulting was documented in the North Sea around 55 Ma, when the North Atlantic mantle plume 604 

reached the earth surface [White and Latin, 1993]. That subsidence could not be satisfactory 605 

explained by tectonic or isostatic causes [Hall and White, 1994]. On the other hand, White and 606 

Latin [1993] summarized evidence for rapid illite diagenesis and the presence of unusually warm 607 

saline pore fluids in quartz fluid inclusions within the sediments during that time without 608 

commenting on its origin or relationship to the subsidence. Magmas from the Iceland plume 609 

have elevated water content [e.g., Poreda et al., 1986]. Hence, it is possible that aqueous fluids 610 

related to the mantle plume rose to the middle crust to create mid-crustal ductile shear zone 611 

during a minor extension event, perhaps itself driven by the rising plume.  612 

 613 

We propose that the rapid subsidence starting 1 m.y. ago is a culmination of slow fluid migration 614 

into the middle crust and micro faulting there for many millions of years as the basin deepened 615 

and the transform fault continued to be active in the same location. Aqueous fluids can be drawn 616 

from the deeper crust and mantle and from the surrounding crust into the middle crust under the 617 

DSB by the large negative vertical stress (≤ 45 MPa) under the basin due to its lighter 618 

overburden relative to the surrounding areas (Figure 11a). A positive feedback exists during the 619 

extension process, which helps concentrate fluids at the base of the quartzo-feldspatic crust as 620 

the basin continues to deepen and the overburden to lighten. Micro-faulting and fracturing of the 621 

crust during the millions of years of seismic activity along the DST further facilitates fluid 622 

accumulation under the basin.  623 

 624 

An alternative explanation for the 4 km of subsidence of the DSB in the past ~1 m.y. is that a 625 

change in relative plate motions in the Eastern Mediterranean region at that time [Schattner and 626 

Weinberger, 2008] has resulted in a small component of extension across the basin. However, 627 

because the pole of rotation between Arabia and Africa (or the Sinai block) is close to the plate 628 
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boundary and is not well constrained, different solutions may produce different senses of motion 629 

across the basin [Le Beon et al., 2008]. Moreover, the internal stratal relationships of the shallow 630 

basin fill do not show evidence for E-W extension [e.g., Al-Zoubi et al., 2002; Larsen et al., 631 

2002]. The continued rise of the Sedom salt diapir above the surface [Weinberger et al., 2006] 632 

requires, in fact, the presence of a slight E-W compression, as discussed by Al-Zoubi and ten 633 

Brink [2001]. The recent increase in subsidence rate does not represent thermal subsidence, 634 

because the basin is narrow and any increase in thermal gradient due to mantle upwelling is 635 

continuously offset by lateral heat conduction to the surrounding area [Pitman and Andrews, 636 

1985; ten Brink et al., 1993]. 637 

 638 

Another alternative explanation to the 4 km of subsidence in the past 1 m.y. is an increase of 639 

mantle heat flux that has not yet reached the surface. Moshen et al. [2006] determined a thinner 640 

than normal (70-80 km) lithosphere from receiver-function analysis and suggested that it reflects 641 

late Cenozoic thinning. Al-Damegh et al. [2004] mapped a zone of high Sn attenuation along the 642 

eastern side of the Dead Sea fault system. A thinner and hotter lithosphere under the DSB than is 643 

expected from surface heat flow, could result in lower viscosity and the onset of lower crust 644 

flow.  However, the detection of earthquake hypocenters within the lower crust [Aldersons et al., 645 

2003; Braeuer et al., submitted] argues against a hot lower crust. Micro-seismicity in the lower 646 

crust can be understood however, in the context of rapidly rising fluids in the lower crust. If the 647 

ascent rate is fast enough, fluids can locally create hydro-fracturing even within the ductile crust, 648 

and thinning of the lithosphere could also promote the production of aqueous fluids. 649 

 650 

6. Conclusions 651 

Based on the information and interpretations presented above as well as other published studies, 652 

we characterize the structure and evolution of the DSB as follows: 653 

1. The basin is up to 8-8.5 km deep under the Lisan Peninsula. Previous estimates of the 654 

maximum depth of the basin using gravity did not consider lower density in the upper 655 

crust under the basin and hence required a thicker basin fill to explain the added negative 656 

gravity anomaly. 657 
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2. The basin extends 50 km farther south of the only significant transverse normal fault, and 658 

gradually shallows without significant brittle deformation. The internal stratigraphy of 659 

the basin fill suggests that the basin proceeded to elongate southward with time after its 660 

formation [Al-Zoubi and ten Brink, 2002]. 661 

3. The shape of the northern termination of the basin is not well determined. Gravity 662 

modeling suggests gradual thinning toward the northern end of the lake (Figure 6b, 7). 663 

Tomographic inversion, on the other hand, suggests that the basin continues to be 6 km 664 

deep to the northern end of the lake (Figure 6b, 8) where it abruptly thins, but the spatial 665 

resolution of the tomography is probably no better than 25 km. There is no clearly 666 

imaged transverse fault at the northern end of the lake although one was suggested [Neev 667 

and Hall, 1979; ten Brink and Ben-Avraham, 1989; Lazar et al., 2006]. A 2-D ray-668 

tracing model (Figure 9a) shows the basin depth as < 2.5 km immediately north of the 669 

lake thinning to 1.5 km 50 km to the north. 670 

4. The underlying pre-basin sedimentary layer thickens gradually under the DST from 2-3 671 

km under the southern edge of the DSB to 3-4 km under the northern end of the lake and 672 

5-6 km farther north. At the deepest part of the basin under the Lisan, the pre-basin 673 

sediments reach a depth of ~11 km. The layer’s lithology changes from predominantly 674 

clastic east and south of the DSB to carbonate west and north of the DSB. The thickness 675 

and lithology reflect the location of the DSB at a bend of the Triassic-Jurassic passive 676 

continental margin of the Tethys Ocean. 677 

5. The upper crust under the deep part of the basin has a lower P wave velocity than in the 678 

surrounding regions. Within the data resolution, the lower crust below ~18 km and the 679 

Moho are not affected by basin development.  680 

6. The basin started forming during or shortly after the development of the DST ~17 Ma. 681 

Subsidence rate was several hundreds m/m.y. for most of that period, similar to other 682 

basins along the DST, but subsidence rate has accelerated by an order of magnitude 683 

during the Pleistocene or perhaps only in the past 1 m.y. 684 

 685 

We explain the anomalously low velocity in the upper crust under the basin, the apparent 686 

sagging and extension of the basin, and the rapid subsidence in the past 1 m.y., by the influx of 687 
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fluids from the surrounding crust and/or the upper mantle into the middle crust, where these 688 

fluids interacted with fractured feldspar to alter some of the feldspar to muscovite. The 689 

generation of interconnected muscovite shear bands profoundly weakened the yield strength in 690 

this part of the crust and allowed sub-horizontal viscous deformation, and a significant increase 691 

in the rate of horizontal transport. These caused the basin to subside rapidly with only minor 692 

attendant brittle faulting. We propose that the enigmatic rapid Tertiary subsidence of the North 693 

Sea could have been generated by a similar mechanism. Thus, we propose that aqueous fluid 694 

flux into a slowly extending continental crust can cause rapid basin subsidence that may be 695 

erroneously interpreted as an increased rate of tectonic activity. 696 

 697 

Several observations can possibly test the hypothesis that the recent acceleration in subsidence 698 

rate is driven by the development over mid-crustal shear zones. These observations include 699 

geochemical and petrologic work to examine evidence for potential influx of lower crust and 700 

upper mantle aqueous fluids, identifying episodic micro-seismic activity near the base of the 701 

upper crust using a semi-permanent network of seismometers around the basin, and obtaining 702 

higher-resolution seismic stratigraphy south of Amazyahu Fault to determine the geometry and 703 

rate of sagging. Continuous geodetic monitoring of surface subsidence south of Amazyahu Fault 704 

and north of the lake may also help detect extension episodes. Finally, deeper penetrating 705 

seismic reflection observations of the northern basin, and seismic tomography with more 706 

regularly spaced seismic sources and receivers, will improve the constraints on the geometry of 707 

the DSB. 708 

 709 
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 945 

Figure captions 946 

Figure 1. Location of deployed seismometers (black) and explosions (red circles) detonated as 947 

part of the 2004 active source experiment plotted on shaded relief topography. Red stars – other 948 

mining explosions and earthquakes that were recorded during the 2-day deployment and used in 949 

the tomography. Numbers correspond to source locations in Table 1. Dashed rectangle defines 950 

the area of the tomogrpahic grid. Red lines – Fault geometry simplified from ten Brink et al. 951 

[1999]. SD-1 – Sedom Deep-1 hole. (Inset) Simplified tectonic map of the Middle East. 952 

 953 

Figure 2 - Observed (in black) and calculated (in red) travel times for sources used for the 954 

modeling the W-E line. See Figure 1 for source location. 955 

 956 

Figure 3 – (A) Ray coverage for diving waves (red) and wide-angle reflections in the model 957 

(black). (B) Bottoming points for the rays in (A). 958 

 959 

Figure 4 - Receiver gathers for sample sources. See Table 1 for locations. The complete data is 960 

shown in Figure A3 in the supplementary material. The gathers were plotted with no time 961 

reduction. Receivers 1 to 409 were aligned from south to north and receivers 410 to 755 were 962 

aligned from west to east. Red line – first arrival pick for tomography. 963 

 964 

Figure 5 – (A) Ray-path coverage for various shot-receiver distances binned at shot-receiver 965 

increments of 20 km. Additional binned increments are found in Figure A4 in the supplementary 966 

material. Color dots indicate midpoints for each ray path. Note the uneven coverage due to the 967 

locations of all the receivers along two lines (except for a few permanent stations of the Israeli 968 

seismic network), and the locations of 14 of the sources at or near these two lines. (B) Depth 969 

slices in the checkerboard test. Top – Perturbations in the final velocity model by higher and 970 

lower velocities in a checkerboard pattern. Bottom – recovered model. Detailed discussion of the 971 

technique and additional depth slices  are given in the supplementary material and Figure A5.  972 

 973 



 

 35 

Figure 6. (a) Top - Comparison between calculated and observed free-air gravity anomaly along 974 

the E-W seismic profile (bottom). Density model was derived from the P wave velocity model 975 

using velocity/density relationships of Brocher et al. [2005]. Misfit between calculated and 976 

observed anomalies in eastern Jordan may be caused by negative anomaly from Al-Jafr basin 977 

south of profile.  Bottom - P wave velocity contours along the east-west receiver profile from a 978 

2-D ray-tracing model (Figure 1). Red lines – selected velocity contours from the 3-D 979 

tomographic model.  Colored bodies – interpreted structure: Dark yellow – basin fill; Light 980 

yellow – pre-basin fill sediments; Green – upper crust; Orange – lower crust. Stars – controlled 981 

explosions. Vertical blue line – depth of Sedom Deep-1 (SD-1) well. Inset – Comparison of 982 

basin-fill velocity along the blue line (red) with sonic-log velocity of Sedom Deep-1 well 983 

(black). (b) Top – Observed Free-air anomaly along profile in bottom and calculated gravity 984 

anomaly using 2.5-D density model shown in Figure 7. Bottom – Contours of P wave velocity 985 

from a slice of the 3-D tomography model along the center of the Dead Sea Transform valley. 986 

Thin lines - bodies in gravity model with density values (red) in 103 kg/m3. Colored bodies – 987 

same as in (a) with additional bodies: light blue – salt layer; dark blue – lake water (with a 988 

density of 1280 kg/m3). Shape of Lisan salt diapir is approximate after Al-Zoubi and ten Brink 989 

[2001]. Dashed colored lines – depth to basin floor and where available, to crystalline basement 990 

from previous seismic data (Red – Al-Zoubi and ten Brink, 2002; purple – Ginzburg et al., 2007; 991 

Green – Al-Zoubi and ten Brink, 2001; Blue – Ginzburg and Ben-Avraham, 1997). Black crosses 992 

– Depth to basement and lower crust in 3 perpendicular seismic refraction profiles: DESERT 993 

[Mechie et al., 2005], E-W line ([ten Brink et al., 2006] and Figure 6a) and DESIRE [Mechie et 994 

al., 2009]. Dashed brown double-sided arrow bounded by brown dashed horizontal lines – Depth 995 

range of most micro-earthquakes in this part of the basin [Braeuer et al., submitted], A.F. – 996 

Amazyahu Fault; K.F. – Kalia Fault (proposed by Lazar et al. [2006]).  997 

 998 

Figure 7. Three slices 2.5-D N-S density model for Figure 6b, west of the transform valley, 999 

along of the valley and east. The main sedimentary layers along the transform valley are also 1000 

outlined on the East and West profiles. Arrows indicate the total width of the density structure 1001 

over the transform valley.  Densities within the basin fill are shown in Figure 6b. See legend for 1002 

pre-basin sediment density (in 103 kg/m3). Crustal densities increase with depth throughout the 1003 
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model with values (in 103 kg/m3) in white. Upper crustal densities in a 10-km-wide zone under 1004 

the basin are lower than in the rest of the model by the shown amount. The 2.5-D model 1005 

accounts for higher densities east and west of the narrow transform valley. It uses the available 1006 

constraints from surface and subsurface geology, seismic reflection data, and tomographic 1007 

analysis, as discussed in text. 1008 

 1009 

Figure 8. Depth (in km) to (a) 5.4 km/s and (b) 5.8 km/s velocity contours from the tomography 1010 

model. Contours are plotted on top of a Bouguer gravity anomaly map. Red triangles – seismic 1011 

receivers. Circles – location of controlled explosions. Stars – Quarry explosions. An outline of 1012 

Dead Sea shoreline in 1965 and rivers are shown in white for reference. The 5.4 km/s contour is 1013 

interpreted as a proxy for the basin floor and the 5.8 km/s contour as the top of crystalline 1014 

basement. Bouguer anomaly map is used to qualitatively define the extent of the basin. 1015 

 1016 

Figure 9. P wave velocity model along the transform valley (a) south of Amazyahu fault and (b) 1017 

north of the lake. Colors are P wave velocities gridded from the 2-D ray-tracing model. Black 1018 

lines are layer boundaries used in the model and do not always have geologic significance. 1019 

Purple dashed lines – base of basin fill and crystalline basement from the gravity model in 1020 

Figure 6b. Stars – controlled explosions. High velocity around km 260 probably corresponds to 1021 

the base of a basalt outcrop of Ghor Katar [Begin, 1975; Bender, 1974], which may also be 1022 

manifested as a local peak in the gravity profile (Figure 6b). (c) location map. 1023 

 1024 

Figure 10 – Subsidence and subsidence rate curves with estimated error bars for the Dead Sea 1025 

basin constructed from Sedom Deep-1 borehole Gamma-ray log [Larsen et al., 2002]. See text 1026 

for details. Subsidence is shown only for the past 7 m.y., because the Hazeva Group (~17-6 Ma) 1027 

was undivided. Subsidence rate is plotted at the center of the time interval. Red curve – Scenario 1028 

in which the current thickness of the Sedom Salt layer (950 m) is similar to the deposited 1029 

thickness. Blue curve – Scenario in which the original thickness of salt layer was 2 km 1030 

[Garfunkel, 1997] and the thickness decreased linearly to its present value by flow and 1031 

diapirism. Grey curve and dot– Approximate subsidence and subsidence rate for the section 1032 

described and dated by Torfstein et al. [2009]. 1033 



 

 37 

 1034 

Figure 11 – (a) Density difference (in 103 kg/m3) between the sediment column within the DSB 1035 

and a reference column west of the basin. The density difference results in a 45 MPa difference 1036 

in vertical overburden between the basin and the surrounding region on the west in the middle 1037 

crust. The difference with the east side is even larger because of the higher elevation and thinner 1038 

sediment cover east of the basin relative to west of the basin. (b) Sketch of possible mode of 1039 

crustal extension during the past 1 m.y. The activity on the Amazyahu transverse fault (A.F.) 1040 

may have decreased. Crustal extension is suggested to be mostly centered in narrow 1041 

interconnected mica-rich shear bands and perhaps inclined semi-brittle shear bands above them, 1042 

but subsidence is distributed beyond the central deep basin (km 50-130). K.F. – proposed Kalia 1043 

fault. 1044 
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Table 1: Acoustic sources used in the tomographic inversion 

Source Type Latitude Longitude Elevation 

(m) 

# of phase 

picks 

# of 1st  

arrivals 

1 1000 kg explos. 29.7736 35.04994 63 208 592 

2 1000 kg explos. 30.1572 35.18869 189 478 475 

3 1000 kg explos. 30.5558 35.28107 13 462 575 

4 1000 kg explos. 30.9210 35.44712 -305 1534 655 

5 750 kg marine 31.3949 35.43104 -417.5 433 727 

6 750 kg marine 31.7498 35.5270 -417.5 368 728 

7 3000 kg explos. 32.2225 35.55687 -304.36 185 630 

8 1000 kg explos. 31.1600 35.08220 515.69 1264 635 

9 1000 kg explos. 30.7773 35.83613 1033 1162 654 

10 1000 kg explos. 30.5973 36.2808 962 1127 415 

11 1000 kg explos. 30.4536 36.71731 1008 1164 363 

12 Mining explos. 31.6780 35.9377 650 n/a 299 

13 Mining explos. 30.0092 34.7453 508 n/a 638 

14 Earthquake 30.1675 35.1892 -15000 n/a 697 

15 Mining explos. 31.1217 35.1050 555 n/a 633 

16 Mining explos. 32.4375 35.8525 857 n/a 524 

17 Mining explos. 29.9920 36.1287 895 n/a 724 

18 Mining explos. 30.9210 36.0490 850 n/a 688 

19 Mining explos. 31.8525 36.2517 640 n/a 377 

20 Mining explos. 29.9250 36.1648 915 n/a 680 

21 Mining explos. 29.9920 36.1287 895 n/a 693 

22 Mining explos. 31.3062 34.9377 410 n/a 559 

* Marine – marine explosion suspended ~50 m below the lake surface. Explos. - explosion 



Table 2: Details of the iteration procedure in the tomographic inversion 

Tomography   

Iteration # (Cell size)  RMS (ms) Chi ^2 

Starting Model 997.46185 14.8720 

Iteration 1 (25x25x5 km) 830.54474 10.2739 

Iteration 2 (20x20x5 km) 772.82867 8.8199 

Iteration 3 (10x10x1 km) 736.02740 7.9627 

Iteration 4 (10x10x1 km) 631.39069 5.8002 

Iteration 5 (10x10x1 km)  546.15936 4.3257 

Iteration 5 (10x10x1 km) 521.26697 3.9322 

   

Wide Angle RMS (ms) Chi ^2 

East-West Profile 145.0 2.097 

North-South Profile 469.0 22.042 

   

Gravity Error (mGal)  

East-West Profile  22.255*  

North-South Profile 4.22  

*Model is solely based on conversion of P wave velocity structure to density structure 

 



Table 3: Parameters used to correct for sediment porosity 

Lithology Phi value  C (1/km) 

Sand 0.490 0.270 

Quartz Sand 0.620 0.360 

Shale-Sand 0.560 0.390 

Shale-Clay 0.630 0.510 

Carbonate/Calcite 0.240 0.540 

*Marl 0.435 0.525 

*Sand-Marl 0.4918 0.3953 

Notes: 

*Marl = 50% Shale-Clay + 50% Carbonate/Calcite 

*Sand-Marl = 50% Sand + 32.5% Shale-Clay + 17.5% Carbonate/Calcite  
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